Two years ol' Geosat data were used to systematically investigate the mesoscale variability and spatial scales or the North Atlantic. We first calculated sea surf~1ce height variability and eddy kinetic energy. These compare well with the eddy kinetic energy obtained with surl'ace dri!'ters. Then the spatial scales of mesoscale variability were characterized in 10° (latitude) x 10" (longitude) areas by their wave number spectra and autocorrelation functions. Comparison with existing in situ data shows good agreement, and it is believed that the total error budget is globally below that of the oceanic signal. The wave number spectra show significant di!Tercnces as a !'unction or latitude and longitude, and these can be related to difTercnt types or rorcing (instability or a mean current or fluctuating wind). Scales typically decrease from west to east and south to north. Simple proportionality with respect to the lirst internal Rossby radii does not apply everywhere.
I. INTRODUCTION
The study of mesoscale variability is a major component of oceanographic research today, since ocean eddies play an active role in the general ocean circulation and in the distribution of seawater properties. Despite the considerable progress of the last 20 years, our understanding of eddy dynamics remains incomplete. In particular, observations spread over larger areas and longer time spans are required. To that extent, Seasat satellite altimetry was extremely fruitfui, since it proclucecl a global view of the oceans for the first time. In addition, it showed that spatial sampling by the satellite along its ground track (near-instantaneous over several thousand kilometers) was particularly suitable for calculating the mesoscale variability wave number spectra, these being difficult to obtain from conventional in situ measurements [e.g., Fu, 1983] . However, the short duration of the mission (3 months, with only 24 clays in a repetitive orbit) did not provide a means of suitably observing the mesoscale signal, which has time scales varying from around I 0 clays to several months.
The launch of the U.S. Navy's Geosat altimeter in 1985 or, more precisely, the start of its Exact Repeat Mission (ERM) in November 1986 provided a capability for mesoscale observation over a longer period. The satellite has now been on a near-repeat orbit ( 17 .05-day cycle) for over 2 years, permitting temporal sampling well suited to mesoscale studies. Good spatiotemporal sampling such as this opens up new scope for global studies of the spatial and temporal scales of mesoscale features. It can reveal differences between regions of the ocean and permit an interpretation in terms of, for example, the mechanisms which generate and dissipate eddies. Pioneering work had already been started by , who calculated the seasonal Copyright 1990 by the American Geophysical Union.
Paper number 90JCOI061. 0148-0227/90/90.1 A-0 I 061$05.00 mesoscale variability of the global ocean. The data can also be usefully compared with the results generated by modeling and can be used as input to these models [e.g., De Mey and Menard, 1989] .
The purpose of this paper is to make a systematic study of mesoscale variability and its spatial scales in the North Atlantic (20°-600N, 80°-I0°W). The method for computing altimeter residuals is described in section 2. Section 3 covers the calculation of altimetric height variability and geostrophic velocity variability, the latter being compared with drifter data. Section 4 describes the results of the wave number spectra calculations and the characterization of spatial scales. These results are discussed and compared with in situ measurements and models in section 5. Section 6 provides the main conclusions.
CALCULATION OF ALTIMETER RESIDUALS
We used 2 years of Geosat geophysical data records (GDRs) obtained from the National Oceanic and Atmospheric Administration (NOAA), spanning the period from November 1986 to November 1988, i.e., 44 cycles of 17.05 clays. The sea surface height measurements (SSI-I) were corrected for the following effects (corrections available in the GDRs): electromagnetic bias by adding 2% of significant wave height (1-1 t/3) to the SSI-I, ocean tides using the Schwiderski model, terrestrial tides using the Melchior model, ionospheric effects using the Global Positioning System climatic model, and dry and wet tropospheric ef'l'ects using Fleet Numerical Oceanography Center data [Cheney ct a/., 1987] . No inverted barometer correction was ap.1'llied because of the uncertainties of its estimation [see .
To eliminate spikes still present in the data. an •iterative process was implemented. Each sampled point (sampling rate: I s (6.8 km)) was compared with the results of a cubic spline interpolation based on the six closest points. If the difference was greater than 5 em, the point was moved and 20,267 Position of the Mid-Atlantic Ridge is also shown.
corrected according to its interpolated value; the new point was then used for the following iterations. When convergence was achieved, points which had moved more than 30 em were flagged while other points kept their initial value. This is an efficient means of eliminating peaks in the data. Around I% of the data were rejected by this scheme.
The method developed at the Groupe de Recherche en Geodesic Spatiale (GRGS/Toulouse) is as follows:
I. The area is divided into four I 0°-latitude strips between 20°N and 60°N, corresponding to I 500-km arc segments ( Figure I ).
2. SSH profiles are resampled every I 0 km using a cubic spline to provide regular sampling. Interpolation is performed only for points surrounded by two valid 1-s raw data points; for other points, the interpolated point is "missing."
3. Complete profiles are selected, i.e., profiles which have no more than two consecutive missing points over the arc length.
4. A first-degree polynomial is fitted to each individual complete profile, and the mean polynomial is added back to each individual adjusted profile to produce "orbit error free complete profiles."
S. The mean profile is computed as an average of all "orbit error free complete profiles."
6. The mean profile is subtracted from each individual profile (complete or not).
7. A first-degree polynomial adjustment is performed to eliminate long-wavelength components, basically orbit related.
Step 2 provides collocated measurement points for successive passes on each track.
Step 3 avoids di!Terent geoid contributions to the polynomial adjustment, and step 4 reduces the possible influence of orbit error on the mean profile because of missing points.
Step S provides our best estimate of the mean sea surface along each track. Steps 6 and 7 give, at the time of the satellite pass on the given track, the mesoscale sea level anomaly (SLA) sampled every I 0 km.
The residual data were smoothed before calculating the variability of the altimetric height. The along-track wave number spectrum E 1 (/1.) of the unfiltered SLA in Figure 2a obtained from a series or tracks at 30°-40°N, 70°-60°W shows a noise level of around I SO em 2 cycle -I km for wavelengths up to around 50-60 km. This white noise corresponds to an rms signal of around 3-4 em, which must Figure 2a , but for the transverse geostrophic velocity spectrum. Noise now seems to dominate the signal up to a wavelength of !00 km. therefore be filtered before estimating the ocean parameters. We decided to use a Lanczos filter [Hamming, 1977] with a cutoff wavelength of 60 km; it has a very steep transfer function and thus affects only the desired range of wavelengths.
The geostrophic velocities were subsequently calculated from the slope of the SLA data using a centered difference scheme (20 km). As differentiation produces additional noise, the SLA data were first filtered with a cutoff wavelength of 100 km. Figure 2b , which represents the transverse geostrophic velocity spectrum
where f is the Corio lis parameter and g is gravity), shows, indeed, that the velocity signal is still noisy for wavelengths shorter than I 00 km. A cutoff wavelength of 100 km (rather than 60 km) is also more consistent with our 20-km slope calculation. Note that the spectra shown in Figure 2 are one-side spectra, i.e., that ft') £ 1 (k) is the variance of SLA and fo F 1 (k) is the variance of geostrophic velocities. In the following, we will adopt this convention.
VARIABILITY OF SLA AND OF GEOSTROPHIC VELOCITY
We first calculated the altimetric height and geostrophic velocity variabilities. They can give useful information on spatial scales since the ratio of one to the other is related to the spatial scales of the mesoscale variability (see section 4.2.1). The estimates of eddy kinetic energy (EKE) deduced from Geosat were also compared with those obtained by surface drifters. This provides a means of evaluating the Geosat contribution and the suitability of its spatial and temporal sampling for investigating mesoscale variability.
The SLA or velocity data (d) derived along each track are t1rst assembled in 2° latitude by 2° longitude bins. Variability vJst is calculated over each bin, together with its associated error c (Gaussian assumptions):
where the angle brackets stand for mathematical expectation; n is the number of data measurements over each bin, and IIi is the number of independent estimates, derived on the assumption that one cycle in three is independent and that spatial decorrelation is I 00 km. These values correspond chiefly to the first zero crossings of temporal and spatial autocorrelation functions of SLA as found by P. Y. Le Traon and M. Ollitrault (Description of an eddy west of the Mid Atlantic Ridge, submitted to Journal r~f' Marine Research, 1990) and as calculated in section 4.2 from spatial autocorrelation functions.
Objective analysis [Brctherton ct a!., 1976] is then applied to adjacent bins to smooth out small-scale features. The covariance functions of the objective analysis are Gaussian, with an e-folding distance of2o in latitude and3° in longitude. The error map for the estimate is also calculated.
The map of the SLA variability (rms) (Plate I) shows amplitudes from 4 em to 30 em. The highest values are associated with the Gulf Stream and its extensions (North Atlantic Current). Outside these areas of strong mean current, smaller values are observed, particularly east of the Mid-Atlantic Ridge where amplitudes are, generally, below 5 em. This map is in agreement with that of , who used only I year of data, instead of 2 in our case. This suggests that most of the SLA variability is resolved in 1 year.
The geostrophic velocity variability obtained from altimetry represents the EKE, assuming isotropy. Plate 2 shows two EKE maps, one obtained by Geosat and the other from drifting buoy data of which almost all were gathered by Richardson [ 1983] (sec Le Traon [ 1990] for an exact description of the data set). The two sets of data were processed in the same way (averaging across bins, and objective analysis). Note that this calculation removes small-scale structures, which explains the ditferencc between our drifting buoy EKE map and Richardson's [1983] map. Agreement between the two types of measurements is very good, both regarding structures and with regard to the associated values. The ratio between the estimates cont1rms this agreement, since the mean ratio (R) = (EKEtmoysiEKEGcosat) (where the angle brackets signify spatial averaging on bins with rms errors below 50%) is around I with a standard deviation of 0.4. Moreover, most of the (small) discrepancies can be explained by the error estimates a-EKE,,,,,, and a-EKE_ (as given by the objective analysis), since the [Richardson, 1983] . Surface drifters measure the Ekman component in addition to the geostrophic component and are subject to direct wind (and wave) effects, Richardson [ 1983] estimated this effect in the calculation of EKE, concluding that it was of the order of I 00 cm 2 s -2 , which therefore does not contradict the agreement between the two measurements.
The results can be compared with those obtained by Daniault and Menard [ 1985] from the Seasat data and the FGGE (First Global GARP Experiment) buoys in the Southern Ocean. They found a mean ratio of buoy EKE to Seasat EKE of 4, with a standard deviation of 2.3. This effect was mainly due to Seasat temporal sampling (6-24 clays), since after temporal filtering of the buoy velocities the ratio had a mean value of I .3 and a standard deviation of I.
The agreement obtained with Geosat data is related to its better temporal sampling (34-730 days) or mesoscale variability, This is particularly encouraging for the rest of the study and clearly shows the suitability of Geosat for the observation of mesoscale phenomena.
SPATIAL ScALES

L Method
To describe the spatial scales for different parts or the North Atlantic basin, we divided each of the four strips described in section 2, in turn, into groups of 10° latitude by 10° longitude. We then assigned each of the groups a two-figure number, the first figure giving the strip number (2-5 for latitudes 20°-50°N) and the second the longitude (0-5 for 10°-60°W) (Figure 3 ). We considered 122 ascending and 123 descending tracks of 1500 km length, which gives an average of around 13 tracks per group (Figure 1) . The I 500-km length of the tracks limited the investigation of mesoscale variability to wavelengths shorter than !500 km. This limitation is due to our present knowledge of the satellite orbit and tides, which are the main sources of long-wavelength errors.
'Ne then calculated the wave number spectra (and con·e-sponding autocorrelation functions) by assembling the tracks in each group and calculating a mean spectrum per group. We calculated the spectra along each profile by FFT (fast Fourier transform) on the pro11le heights. W_e applied a cosine-bell taper to the first and last I 0% of the profile Plate 2. (Bottom) Eddy kinetic energy deduced from Geosat data under the assumption of isotropy. The 2 years of' Geosat data have been used. and objective analysis was applied to filler out small-scale features. ('fop) Eddy kinetic energy deduced !'rum drit'ting buuy data. The same objectiv~ analysis as for Geosat data was applied.
heights lo reduce side lobe power leakage. The number of degrees of freedom in this estimate is assumed lo be equal to
, where NT is the number or !racks used and NCY the number or cycles on each track. This assumes that one cycle in three {51 clays) is independent and that one track in three is independent (=300 km). These are only crude estimates or the number of degrees of freedom, since neighboring tracks are differently correlated for different wave numbers and the correlation of cycles on a given track will depend on the frequency-wave number spectrum. However, by choosing a clecorrelation of one track in three, which is around 3 times the actual decorrelation length of SLA measurements, we have probably taken sufficient account of error factors. The mean number of tracks per group is around 13, and the mean number of cycles per track is around 30 (most of the tracks are only partially complete). This gives an average of 100 degrees of freedom, which corresponds to a precision of around 15% for our estimation. The precision on spectral slopes can also be estimated: a spectral slope between 150 km and 300 km (six independent spectral estimations) can be estimated to within ±0.6.
Spatial Scales
We first calculated the mean spectra of the ascending and descending tracks separately in order to reveal any anisotropic effect. Note, however, that the geometric configuration of the tracks does not allow any possible dominance of zonal scales to be detected. Most spectra are generally not significantly different, given the confidence intervals used. In general, the assumption of isotropy is not refuted, thus lending support to the choice of averaging ascending and descending spectra together. However, it seems that significant differences can be observed for some groups situated near the Gulf Stream (see groups 33 and 43 in Figure 4 ) as well as in regions of low eddy activity (see groups 40, 41, and 53 in Figure 4 ). For groups situated near the Gulf Stream, the differences occur principally at wavelengths longer than 300 km and could be related to the way Gulf Stream meanders develop. For other groups, differences are also observed for long wavelengths (40 and 53), although group 41 shows differences in the 50-to 150-km wavelength band. We do not presently have a satisfactory explanation of this result.
4.2.1. Comparison of 1vave number spectra. The mean unfiltered wave number spectra per group are shown in Figures Sa-Sd. The general shape of the spectra can be described as follows: a white noise level of around 150 cm 2 cycle -I km visible up to scales increasing from 30 km in the north to 60 km in the south; an "intermecliqte regime," sometimes nonexistent, up to I 00-200 km from north to south, where spectra are red with weak slopes of around -1; a band of wavelengths with reel spectra and well-defined sbpes; and then a break in the slope in most groups occurring after a peak wavelength of 200-500 km from north to south. We shall now provide a more detailed description of these last three features.
The slopes of the red part of the spectra are generally between -2 and -4. The steepest slopes are observed at the western part of the basin and are associated with energetic areas, while the weaker slopes are found east of the MidAtlantic Ridge where eddy activity is lower. Slopes of-1 to -2 are obtained for groups. east of strip 2 (groups 21 and 22) and group 30, which are the least energetic groups in our study area.
The peak wavelengths corresponding to breaks in the spectrum slopes and the shape of the spectra for longer wavelengths are useful parameters for the study ·or eddy dynamics (see section 5). These peak wavelengths (vertical arrows in Figures Sa-Sd) decrease as latitude increases: the mean is around 500 km between 20° and 30°N (strip 2), 400 km between 30° and 40°N (strip 3), 300 km between 40a and 50°N (strip 4), and 200 km between 50° and 60°N (strip 5). For groups 21, 22, and 30, no significant break is observed: the slight decrease in the spectral density at 1500 km wavelength (which can be observed for all spectra) is mostly caused by the procedure used for removing the orbit error. In the following discussion this spectrum estimation will not be considered significant. Arter the peak wavelength the spectra are "bluer" in the energetic areas.
These spectra E 1 (/l) are one-dimensional spectra of the wave number vector along-track component. Thus for a wavelength k 1 these spectra in the along-track direction contain "contributions" from all wavelengths shorter than k-1 whose wave number vector components (not parallel to the track) along the satellite ground track are k-
1
• However, assuming isotropy, these one-dimensional spectra can be used to calculate the scalar spectra in wave number E 0 (k) such that E 0 (k) = 27TkE 2 (k 1 , k:.), where E 2 (k 1 , k 2 ) is the two-dimensional spectrum and where k~ + k} k 2 (see, for example, Fu [1983] ). The above behavior is then accentuated, since £ 1 (/c) is a weighted integral or E 0 (k). Indeed,
Inversely, E 0 (k) can be cleclucecl from E 1 (k) as follows: (2) :E ~ n.
J~
: 
10
The kinetic energy spectrum F 0 (k) is then directly related to Fig. 6a . Mean scalar wave number spectra for groups 35 and 40. E 0 (k) as follows:
We used (2) and then (3) to calculate E 0 (k) and F 0 (/c) for groups 35 and 40, which have different characteristics, spectrum E 1 (k) of group 35 being blue after the break and that of group 40 remaining reel. This difference is considerably intensified in spectra E 0 (k) and F 0 (k) (Figures 6a and  6b ). Thus the shape or the spectra at longer wavelengths varies noticeably from one region to another. Two significant sets can be distinguished in terms of the shape ofthe spectra after the break: blue or white (e.g., groups 33, 35, 34, 43, and 42) and reel (e.g., groups 31, 40, 41, 50, 51, 52, and 53) . Spectra of strip 2 are probably in this last category, but this is more difficult to observe because the break occurs for longer wavelengths.
The third interesting characteristic observed in most of the groups east of the Mid-Atlantic Ridge (e.g., groups 31, 32, 40, 4 l, and 51) is a well-defined "intermediate regime," which in fact corresponds to an increase in energy between 50 and 150-200 km (see clotted lines in Figures 5/J, 5c, and  5d ). This change of spectral slope, however, is not so clearly observed for groups west of the Mid-Atlantic Ridge.
These three main characteristics of spectra and their relation to eddy dynamics will be cliscussecl in section 5.
4.2.2. Autocorrelation ./llllctions and characterization (~{' spatial scales. Figures 7a-7d show the autocorrelation functions C(r)/C(O), where C(r) is the autocovariance function obtained by inverse Fourier transform of the 60-km SLA filtered spectra. Most of these functions show negative lobes which are partly clue to the procedure used to remove orbit error, which also removes oceanic signal at large wavelengths. To describe the clill'erent spatial scales, the integral of the square of the autocorrelation functions L2 (L2 = Jt') C 2 (r)/C 2 (0)dr) and the integral of the autocorrelation ,._. [Richman et a!., 1977] . Note also that IS is equal to the along-track spectrum value at zero wave number and thus, due to long-wavelength errors, cannot be presently estimated.
fc) C(r)IC(O)dr) to estimate a correlation length
We also calculated a mean wavelength defined by
Jl500km- Table I shows values for these different parameters LI, L2, i\, a, and (k) -I. L2 is represented in Figure Sa [1984] are shown in Figure 8b . The first internal Rossby radius is indeed an important parameter for the description of the spatial scales, since previous studies have shown that eddies appear to have spatial scales proportional to the first internal radius (see, for example, Mercier and Colin de Verdiere [1985] ). The relation between the motion spatial scale L and IR is given by the ratio R = EKE/EPE, where EPE is eddy potential energy, since R is proportional to (IR/L) 2 for quasi-geostrophic motions [Pedlosky, 1979] . The difl'erent characteristic scales (i.e., LI, L2, i\, and (k) -I) illustrate the same tendencies: apart from strip 2 and group 30, scales decrease regularly according to latitude. This variation, however, is smaller than for the first internal radii and is more related to variations in J I, as the nearly constant a value of 4 suggests. The scales of strip 2 (and group 30) are smaller than this simple rule of proportionality would imply, and scales between strip 2 and strip 3 can vary negatively with the internal radii. The corresponding a values are very different and larger than in the other regions, which also means that scales are smaller there. The proportionality of scales with j-1 is, however, only approximate, since the scales also vary significantly over the same latitude strip: the appreciable westward increase observed in strips 2, 3, and 4 is actually comparable to the difference between adjacent strips. Both spectra and scales are significantly different from one region to another, to validate them, the different sources of error must now be examined. The results will then be compared with other similar calculations and with in situ measurements. They will then be interpreted in terms, of eddy dynamics by a comparison with models and with quasi-geostrophic theory.
5.1.
Mqjor Sources (~l Error
As noted in section 2, altimetric measurements of SLA are subject to many sources of error. For our mesoscale study, i.e., for wavelengths shorter than 1500 km, the three major sources of error are sea state bias, wet tropospheric effects, and inverse barometer effects. Sea state bias and wet tropospheric errors are, indeed, only partially corrected, while error clue to the barometer effect is not. These atmospheric effects are assumed to have spatial scales greater than mesoscale ocean movements but may resemble the ocean signal at larger scales (i.e., at the end of the mesoscale spectra). This is precisely where the shapes of the spectra were shown in section 4 to be significantly different from one region to another. Sea state bias effects do not appear to be a significant source of error, since even in areas with large H J/3 values, the correction level (after bias and slope adjustments) is, in our wavelength band, lower than the signal level. Thus the SLA spectra are well above those corresponding to 2% of H 113 , which is the correction generally used for H 11 3 effects in Geosat data. This can be seen in Figure 9 (reproduced from D. Jourdan, C. Boissier, and J. F. Minster, How geophysical corrections interfere with oceanic mesoscale variability as observed by altimetry, submitted to Journal (~l Geophysical Research, 1990) , where these two spectra, obtained with an ensemble of Geosat tracks over a 2-month period in the northeast Atlantic (45°-60°N, I5°-'-35°W) , are compared.
The wet tropospheric error correction, as given in the GDRs, is more problematic but is also probably below the ocean signal. This conclusion was also reached by Fu [1983] for Seasat altimeter measurements. The comparison of oce- « "(8118np8118)Uf 919fJdOJd e1 8p 8p0::l) UOfjeSfJOj!1e SUeS S8jfpJ8jUf UOfjejU8S<;JJd8J )8 UOfj:)npoJcl8tj "S<;JAJ8S<;JJ 8[18!1j:)81181Uf 919!JdOJd 8p SjfOJp_S!l()J_>.~----"'«"taM t'lll:it! § l'll'! ~rofSnefe mte11ectuelle reserves. "Rep.roduetTiin~efrepr~senfafloninierdites sans autorisation (code de Ia propriete intellectuelle). » 20, 282 LE TRAON ET AL.: SPATIAL SCALES OF MESOSCALE VARIABILITY FROM GEOSAT DATA anic spectra with those of wet tropospheric error obtained 5.2. Comparison Witlt Other Similar Calculations with the available scanning multichannel microwave radiometer (SSMR) data showed, indeed, that oceanic spectra for both high-and low-energy areas were not significantly affected for wavelengths shorter than I 000 km. As Geosat oceanic spectra contain more energy for long wavelengths than those of Scasat , they should be even less affected. Recent results [Jourdan eta/., 1990] have confirmed this hypothesis and shown that in the northeast Atlantic this correction was also considerably below the ocean signal for wavelengths shorter than 1500 km. This can also be seen in Figure 9 , which summarizes the results of Jourdan et a/. [ 1990] as far as water vapor correction is concerned. In this figure, the water vapor correction spectrum has been calculated with 2 months of data from a high-resolution ( =30 km) meteorological model (Peridot French Meteorologic Nationale model) and is well below the altimetric one. This result should extrapolate well fm midlatitude regions. Bisagni [1989] reached similar conclusions for wet tropospheric corrections in the northwest Atlantic.
The inverse barometer effect remains the chief source of uncertainty because the ocean response to atmospheric pressure loading is not well understood. However, standard inverse barometer correction (oibc = 9.95 x 10-3 (Pa -1013.3), where Pa is atmospheric surface pressure) has a wave number spectrum which is below the meso.scale oceanic spectrum (Figure 9 ). In this figure, oibc values were obtained with 2 months of atmospheric surface pressure data derived from the Peridot model. Note that the dry tropospheric effect is the same as the inverse barometer effect, but for a constant ratio of 0.229 since 8ctte = 2.277 x 10 -3 (Pa -1013.3). As far as energy is concerned, this leads to a ratio of 0.05, so that the dry tropospheric effect spectrum would be well below the inverse barometer spectrum.
We believe that our results are only marginally affected by atmospheric effects. However, this is a mean error budget, and local effects cannot be ruled out, particularly for lowenergy areas.
Ionospheric and residual geoid errors must also be considered; although less important, they do contribute to the error budget. Ionospheric correction is not thought to be a major problem, because our study was conducted during a period of relatively low solar activity, where these effects are typically small. Thus it was lower than during the Seasat mission (solar activity was higher in 1978 than in 1987), where it was already not very significant in the error budget [Lore// et al., 1982] . However, this etl'ect might explain a surprising feature of the spectra in strip 4 (Figure 5c ): they all show a small "hump" at a wavelength of around 30 km. Although we do not have a satisfactory explanation for this feature, it may be related to variations of the subauroral ionospheric trough, which according to Mendillo and Chacko [1977] is found between geomagnetic latitudes of 50° and 65° (in the North Atlantic, this corresponds chiefly to latitudes of strip 4).
Residual geoid contributions do not seem to be significant error sources here. Geosat tracks repeat to within I km, which according to Fu [ 1983] gives a mean spectral level of the residual geoid considerably lower than that of the oceanic variability.
and With in Situ Measurernents
Our wave number spectra results are compatible with those obtained by Fu [ 1983] from Seasat data. Fu obtained slopes of -4.5 ± 1.5 between 100 and 250 km for the energetic areas and -1 between 100 and 1000 km for low-energy areas. Given the short duration of the Seasat mission (24 days), which did not permit satisfactory observation of the long wavelengths a priori assoCiated with larger time scales, these values are not significantly difl'erent from our estimates. Fu and Zlotnicki [ 1989] compared Geosat and Seasat spectra over two representative regions of low and high energy levels and showed that the slopes observed were the same for wavelengths under 300 km, Seasat providing only part of the signal for longer wavelengths. De Mey and tv!enard [1989] have found slopes of between --3 and -4 in the region of POL YMODE (=25°-35°N, 75°-65°W) for Seasat and GEOS 3 data, which also compare well with our results.
Autocorrelation functions can be compared (and validated) with past in situ experiments. The altimetric signal is, indeed, directly comparable to the dynamic height measurements (hd) referenced to a no-motion (or known) level. However, our calculation of spatial scales from altimetry takes account of the ocean variability between 60 and 1500 km over a period of approximately 2 years. This is not true of in situ studies, which are generally limited both spatially to a few hundred kilometers and temporally to a few months.
During the Mid-Ocean Dynamics Experiment (MODE) (28°N, 70°W) the first zero crossing of the hd/1500-dbar correlation function was at around 120 km [McWilliams and Owens, 1976] . The agreement with our data is very good, since the first zero crossing of the correlation functions for groups 35 (70°-60°W, 30°-40°N) and25 (70°-60°W, 20°-30°N) is 115 and 130 km, respectively. Furthermore, transverse geostrophic velocity correlation functions g(r) (g(r) = (v(x) v(x + r)), where the geostrophic velocity v(x) is normal to the track and equal to g/f aSLA(x)/ax) show first zero crossings of 55 km and 60 km, respectively, for these two gro 1 Jps (Figure 10 ). This again compares well with the MODE and POLYMODE results [McWilliams et al., 1986] . Note that these functions were estimated by an inverse Fourier transform ofg 2 /j 1 (27Tk) 2 E 1 (k) after a 100-km filtering of SLA. The agreement between our results and those of MODE, despite the differences in samplings, suggests that at longer wavelengths and for longer periods the mesoscale ocean signal in this particular area is very weak. This is consistent with the frequency wave number spectra generally assumed for mesoscale motions [e.g., Wunsch, 1981] .
P. Y. Le Traon and M. Ollitrault (Description of an eddy west of the Mid Atlantic Ridge, submitted to Journal of Marine Research, 1990) compared the Geosat results with those obtained during the Tourbillon experiment [Le Groupe Tourbillon, 1983] and showed that the observed difl'CI'ences on the spatial scales can be explained by the different forms of sampling. For Tourbillon the first zero crossing of the hd/3000-dbar correlation function was found at around 70 km [Arhan and Colin de Verdiere, 1985] while the equivalent Geosat value was 95 km. By filtering out scales greater than 400 km, which were probably not resolved during Tourbillon given the size of the array (200 km) and the short duration of the experiment (2 months), the two sets of results became similar. These comparisons therefore show that the spatial scales obtained with Geosat are compatible with in situ measurements, thus validating some of our results.
As noted in section 4, characteristic scales between strip 2 and strip 3 can vary negatively with the internal radii given by Emery eta!. [1984] . This result is interesting and can be compared with the ratio R = EKE/EPE in this area. Thus for groups 25 and 35 the mean EPE values obtained from Dantzler [1977] are around!OO cm 2 s-2 and 1300 cm 2 s-2 , respectively, for corresponding mean EKE values of 160 em 2 s -2 and 900 em 2 s -2 (drifters, Plate 2, bottom) or 320 em 2 s -2 and 1200 em 2 s -2 (Geosat, Plate 2, top). The factor of 2 or more for a comparison of R between these two groups could explain the smaller scales (with regard to internal radii) observed for group 25. Similarly, the spatial scales obtained for strip 5 are larger than simple proportionality with respect to the internal radii would imply. The first results of the Athena experiment (53°N, 25°W) seem to confirm our observations [Boissier et a!., 1988] .
Comparison With Theory and lv!odcls
The wave number spectra of energetic groups at the western end of the basin (groups 35, 34, 33, and 43) have slopes or around -4 from 100 to 300-400 km, according to latitude. These slopes are close to the values given by the theory of quasi-geostrophic turbulence [Charney, 1971 ] . Indeed, where the movements are sufficiently energetic for dispersion of Rossby waves to be ignored, the theory predicts kinetic energy spectrum slopes of-3 for scales smaller than twice the first Rossby internal radius. In isotropic conditions these kinetic energy slopes of -3 coiTespond to slopes of -5 for altimetric heights [Fu, 1983] . In these western areas the most likely explanation of the generation of eddy energy is the instability (baroclinic or barotropic) of the mean currents. Recent simulations of quasi-geostrophic turbulence forced by the baroclinic instability of a mean shear [Hua and Haidvogel, 1986 ] confirmed Charney's hypotheses. They have also shown that spectral peaks occur at scales of roughly twice the first internal radius (exactly 7/4 in their simulations), slightly lower than the barotropic {3 arrest scale k 13 [Rhines, 1977] , i.e., the scale at which the dispersion of Rossby waves begins to dominate the ocean signal. Although our results give weaker slopes, their shapes are close to those obtained by numerical simulation, in terms of both of the spectral peak and of the behavior beyond the break where the energy level decreases very fast. Thus Figure 6b , which gives the kinetic energy spectrum for group 35 calculated from (3), has a peak between 300 and 400 km, corresponding to approximately twice the wavelength for the mean internal radius for the group (271' x 32 km [Eme1y eta!., 1984] ). This can also be verified for groups 33 and 34, whose SLA spectra have a peak between 300 and 400 km (it is easy to show that kinetic energy and SLA spectra have the same spectral peak). However, group 43 has a peak at around 300 km, a larger wavelength relative to the mean internal radius there (13 km). This could suggest that other dynamical processes such as wind forcing or bathymetry are active there.
In lower-energy regions, one of the possible eddygenerating mechanisms is forcing by tluctuating winds [Franldgnoul and Miiller, 1979; Miiller and Frankignoul, 1981] . These authors used a linear model to study the quasi-geostrophic response of the ocean to wind forcing and found energy levels comparable with in situ observations. They obtained wave number spectra, expressed in relation to the stream function, with slopes of -3 for the baroclinic part, while the barotropic part formed by resonant Rossby waves has a k -4 spectrum [see Miiller and Frankignoul, 1981, Figure 5 ]. However, these oceanic models are not very realistic, since they do not accurately reproduce the temporal scales and the vertical structure of the currents. If nonlinearities are considered, the ocean signal is different; the time scales are better reconstructed, but the vel·tical structure is not sufficiently intensified at the surface to agree with in situ data such of those of Tourbillon [Treguier and Hua, 1987] . However, if small-scale topography is included in these wind forcing simulations, the structures are far more realistic [Treguier and Hua, 1988] . However realistic these ditferent wind forcing models may be, they all,point to a higher energy level at larger scales than in the case of forcing due to instability of a mean current, since the wind forcing and thus the energy input are mostly at larger scales. Our 20, 284 LE TRAON ET AL.: SPATIAl. SCA!XS OF MESOSCALE YAIUABIL.ITY FROM GEOSAT DATA results shww this behavior for groups in which the spectra remain reel at longer wavelengths. It is indeed in such regions (e.g., groups 31, 40, and 41) that the wind effect has been put forward (the Tourbillon site is in the group 40 area). Altimetric spectral peaks are found at larger wavelengths than those predicted by the fltta and Haidvogclll986J model, and this can also reflect a wind forcing effect. The Tr ('guicr and Hua [1987] simulations have shown, indeed, that the parameter which most influences the oceanic response to wind forcing is the ratio of the largest forced wavelength to the wavelength of the first baroclinic Rossby radius. Qualitatively, our results seem to agree with the 7/"tguicr and !Jua [ 1987] model. However, our spectral slopes are around -3 in these low-energy areas, which is weaker than in these nonlinear simulations.
The well-defined "intermediate regime" for certain groups east of the Mid-Atlantic Ridge (see section 3) should perhaps be related to small-scale topography. Since the ocean floor is particularly rough east of the ridge, small-scale topographic e!Tects should be more significant there. 1/·tguicr have shown that small-scale topography in wind forcing simulations causes a transfer of energy to small horizontal scales. It considerably reduces the mean scale of the barotropic mode and becomes the main source of energy for the second baroclinic mode. Consequently, the topography induces an energy surplus for scales smaller than the first internal radius.
The spectra of groups 21, 22, and 30 have smaller slopes and do not show a break in the slope. As they are associated with very low energy levels, the dynamics are probably in a more linear regime in opposition to other spectra where nonlinear interactions seem to dominate the dynamics for scales smaller than the spectral peaks.
Our results thus point to certain characteristics which are well represented by the models, at least qualitatively. However, the altimetric height spectra are whiter than those derived through modeling. One possible effect is the influence of the mesoscale variability of the mixed layer induced by atmospheric forcing. It may indeed be possible to ascribe part of the surface mesoscale variability to atmospheric forcing, the rest being induced by the underlying quasigeostrophic flow. The relative importance of these two factors is poorly documented, and studies are under way to better understand it [e.g., Klein and Hua, 1988] . Thus, according to the importance of atmospheric forcing, the altimetric spectra may or may not be directly comparable with the results of the quasi-geostrophic simulations. The sea surface variability of the mixed layer is associated with small scales and fronts which can cause significant departures from geostrophy. This ageostrophic part of the signal has a wave number spectrum whiter than the geostrophic part (B. L. Hua, personal communication, 1989) . The relative influence of this ell'ect will increase for shorter wavelengths and could explain the weaker slopes found with altimetry.
CoNCLUSioNs
For the first time a systematic study of wave number spectra and a characterization of spatial scales has been done on the scale of an ocean basin. Sea surt~lce height variability and eddy kinetic energy have been mapped from 2 years of Geosat data. It has also been shown that the spatial and temporal sampling of Geosat is well suited to mesoscale studies. The comparison of eddy kinetic energy obtained with Geosat data agrees quite well with that obtained with surface drifters. Furthermore, the ratio of sea surface height variability to geostrophic velocity variability has revealed interesting features of the spatial scales of mesoscale motion which have been found to agree with the wave number and autocorrelation calculations.
Wave number spectra have been characterized by three diiTerent regimes occurring at cliiTerent wavelength bands: an "intermediate regime" between 50 km and 100-200 km, sometimes nonexistent, with slopes of around -I; a band of wavelengths with reel spectra and well-defined slopes, typically -4 at the western part of the basin and between -2 and -3 in the other areas; and then a break in the slope occurring after a peak wavelength. All these features show significant difl'erences as a function of latitude and longitude. Spatial scales, as calculated from autocorrelation functions, typically decrease from west to east and south to north. Simple proportionality with respect to the first internal Rossby radii does not apply everywhere. Although the di!Terence sources of error on altimetric measurement cannot be ruled out, particularly for low energy levels, the results are thought to be globally robust.
The comparison of spatial scales works well with MODE in situ data. Tourbillon in situ data give smaller spatial scales, but this can be related to the di!Terent forms of sampling of the oceanic signal. General features of wave number spectra are consistent with an eddy forcing by instability of mean currents in the energetic regions and by fluctuating winds in the low-energy regions. There are also some indications of small-scale topographic effects east of the Mid-Atlantic Ridge. Spectral slopes are, however, weaker than those of quasi-geostrophy theory and models, possibly due to nongeostrophic effects. As models become more realistic in terms of resolution, bathymetry, and wind forcing, their mesoscale features should be compared with such data as a test for the energy input and for dissipation.
